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[1] The global CaCO3 budget is constrained by new estimates of standing stocks, fluxes
through the water column, and dissolution in the water column and on the sea floor.
Previous estimates of carbonate production and export are indistinguishable within a large
range of values, 0.4–1.8 Gt PIC yr�1. Globally, excess alkalinity (TA*) and water mass
tracers indicate dissolution of 1.0 Gt PIC yr�1 between 200 and 1500 m, suggesting
production and export must at least equal this amount. Most water column
dissolution occurs at high latitudes, and alkalinity fluxes from outer shelf and upper slope
sediments (100–1500 m) only support 5–10% of the TA* inventory. Below 2000 m, the
sinking flux of PIC (0.6 Gt PIC yr�1) is consistent with the rate of sea floor
dissolution (0.4 Gt PIC yr�1) plus burial (0.1 Gt PIC yr�1). This rain rate constrains the
export value to >1.6 Gt PIC yr�1. Satellite-based estimates of standing stocks of CaCO3

indicate a decrease equatorward, which is opposite in trend to sediment trap fluxes.
This observation may be explained by an equatorward decrease in sinking particle
dissolution, systematic changes in PIC residence time with latitude, or satellite retrieval
problems. Globally averaged euphotic zone standing stock (5.4 mmol m�2) and export
estimates indicate PIC residence times of 5–18 days.
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production, export, and dissolution in the water column to measurements of CaCO3 rain into sediment traps and dissolution on the sea

floor: A revised global carbonate budget, Global Biogeochem. Cycles, 21, GB1024, doi:10.1029/2006GB002803.

1. Introduction

[2] The fate of calcium carbonate produced in the surface
ocean is particularly important given the anthropogenic
acidification that has occurred over the last century [Kleypas
et al., 1999; Caldeira and Wickett, 2003; Feely et al.,
2004a; Sabine et al., 2004; Orr et al., 2005; Royal Society,
2005]. Several studies have investigated the response of
carbonate-secreting organisms in the face of lowered pH
[Gattuso et al., 1998; Kleypas et al., 1999; Langdon et al.,
2003; Riebesell et al., 2000; Zondervan et al., 2001;
Langdon and Atkinson, 2005] and all indications are that
carbonate secretion rates will decline. It is difficult to assess
the deleterious effects of acidification on carbonate produc-
tion because the baseline estimates of how much carbonate
is produced and rains through the water column has been
shifting. For example, Milliman [1993] estimated carbonate

production in the entire ocean at 5� 1013 moles CaCO3 yr
�1

(= 0.6 Gt PIC yr�1 where PIC is particulate inorganic
carbon), which included both neritic and open ocean envi-
ronments. However, the estimate for open ocean production
was based on deep sediment trap data, which provide
a lower limit of production. Later, Milliman et al. [1999]
determined carbonate production in the open ocean at 6 �
1013 moles CaCO3 yr�1 (= 0.7 Gt PIC yr�1) based on an
inventory of alkalinity and the residence time of various
water masses. This value was significantly higher than the
flux into deep traps and lead to the hypothesis that high rates
of carbonate dissolution occur within the water column.
Balch and Kilpatrick [1996] measured carbonate production
in the equatorial Pacific and determined the ratio of PIC to
POC (particulate organic carbon) production of �9%,
which, if extrapolated globally would yield an estimate
of carbonate production of 3.5 � 1014 moles CaCO3 yr�1

(= 4.3 Gt PIC yr�1). Recently, Balch et al. [2007]
reevaluated carbonate production from an assessment of
satellite-determined parameters, calcification, and photo-
synthesis rate determinations, and this value is 1.3 �
1014 moles CaCO3 yr�1 (= 1.6 Gt PIC yr�1).
[3] If the carbonate system is in steady state, the amount

produced in the surface water should equal or exceed the
amount falling out of the surface ocean (export), and this
would equal the sum of what is remineralized and what is
buried. A careful accounting of how much and where
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carbonate dissolution occurs is one objective of this study.
Recent analyses by Feely et al. [2002, 2004a], Sabine et al.
[2002] and Chung et al. [2003] demonstrate the presence of
excess alkalinity (TA*) in water masses at 100–1500 m that
they attribute to dissolution occurring during particle sink-
ing. Excess alkalinity is that quantity of alkalinity residing
in a water mass following adjustments for the ‘‘preformed’’
alkalinity content and for contributions from AOU [Feely et
al., 2002]. TA* measurements show the highest inputs at
depths corresponding to the regional aragonite saturation
horizon. Hence one hypothesis was that dissolution of
aragonitic particles is responsible for much of the excess
alkalinity in the upper 1500 m. However, the high rates of
carbonate dissolution in the upper water column are difficult
to reconcile using only the export of aragonite, given that
there are very few estimates of aragonite production in
pelagic waters and this mineral phase is not likely a major
component of the total carbonate flux [Fabry, 1989].
Milliman et al. [1999] considered the enigmatic role of
zooplankton guts as a site for carbonate dissolution. How-
ever, how much of the TA* signal can actually be attributed
to water column dissolution? Chen [2002] has noted the
importance of estuarine and coastal benthic processes as a
source of alkalinity to upper ocean waters and offers caution
to the assumption that all excess alkalinity is attributable to
particle dissolution. Also, the models of Feely et al. [2002],
Sabine et al. [2002] and Chung et al. [2003] are subject to
considerable uncertainties, both with respect to the determi-
nation of excess alkalinity and with the assumptions
inherent in assigning water mass ages to upper ocean
waters. Further, Friis et al. [2006, 2007] have shown that
mixing of deeper waters with shallower waters may
contribute to excess alkalinity in the upper ocean.
[4] Sediment trap data obtained within the last 15 years

converge on the value of 5 � 1013 moles CaCO3 yr�1

(= 0.6 Gt PIC yr�1) falling through the 2000 m depth
horizon in the open ocean [Tsunogai and Noriki, 1991;
Lampitt and Antia, 1997; Francois et al., 2002]. If this
value is representative of the global ocean, it must constrain
both carbonate export and carbonate burial rates. We utilize
trap data both as a component in global budgets but also as
a means to assess water column dissolution. For example,
deep-water masses also contain excess alkalinity [Feely et
al., 2002; Sabine et al., 2002; Chung et al., 2003] and
modeling TA* versus water mass age results in an estimate
of carbonate dissolution rates in the deep ocean. As with
the upper ocean, this approach cannot distinguish water
column from benthic processes as the source of excess
alkalinity. Sediment trap fluxes at different depths are used
to constrain the quantity of carbonate dissolution in the
deep sea.
[5] If the amount of carbonate produced and exported

from the surface ocean is influenced by ocean acidification
[Orr et al., 2005], both the PIC and organic carbon (POC)
budgets will be affected (considering the importance of
carbonate as a ballast for organic matter export [Armstrong
et al., 2002; Klaas and Archer, 2002; Francois et al.,
2002]). Hence we have revised recent estimates of carbon-
ate production, dissolution and rain into the ocean interior

and focus on examining these fluxes using very different
analytical approaches.

2. Carbonate Production and Export

[6] We distinguish between carbonate production and
export, although the literature can be confusing regarding
the difference. Here we define carbonate production as the
vertically integrated calcification rate in the surface (i.e.,
euphotic) layer, whereas carbonate export is the sinking flux
out of the surface layer. The two differ because of dissolu-
tion of CaCO3 within the surface layer and departure from
steady state. Balch et al. [2007] summarized calcification
rate measurements (= carbonate production) at six open
ocean sites and show that carbonate production averages
�3% of organic carbon primary production. By refining this
estimate with satellite data of temperature, chlorophyll, PIC
standing stock and known parameters such as day length
and depth of mixed layer, they were able to estimate global
carbonate production in 2002 at 1.6 ± 0.3 Gt PIC yr�1.
Poulton et al. [2006] present PIC production data for the
Atlantic, which extrapolated globally yields a value of
3 Gt PIC yr�1. The only other estimates of global carbon-
ate production that we are aware of are from Moore et al.
[2002, 2004], who embedded a detailed food web model
with explicit representation of carbonate producers into
global physical models. The first of the two studies utilized
a 1-D mixed layer model applied globally, whereas the
second used the 3-D circulation field from an ocean general
circulation model. These studies estimate global carbonate
production as 1.1 and 0.5 Gt PIC yr�1, respectively.
[7] There are many more estimates of global carbonate

export from the euphotic zone, many of which rely, in one
way or another, on the alkalinity distribution. A range of
0.6 to 1.5 Gt PIC yr�1 is derived from studies that have
utilized simple circulation models (box or 1-D): 0.6 and
1.5 Gt PIC yr�1 from two different versions of the 12-box
model of Garcon and Minster [1988]; 0.9 Gt PIC yr�1

from a combination 1-D/box model of Shaffer [1993];
and 1.4 Gt PIC yr�1 for the 3-stacked-box model of
Chuck et al. [2005]. A range of 0.6 to 1.8 is found from
three-dimensional circulation models with simplified
carbonate cycle parameterizations, which are typically
tuned to reproduce the observed alkalinity distribution:
0.7 Gt PIC yr�1 from Bacastow and Maier-Reimer [1990];
0.6 – 0.8 Gt PIC yr�1 from Yamanaka and Tajika
[1996]; 1.65 Gt PIC yr�1 from Archer et al. [1998]; and
1.8 Gt PIC yr�1 from Murnane et al. [1999]. The
mechanistic models of Moore et al. [2002, 2004], which
were not evaluated with alkalinity measurements, estimate
carbonate export of 0.5 and 0.4 Gt PIC yr�1, respectively.
[8] Carbonate export has been estimated in two additional

ways: seasonal alkalinity drawdowns and estimates of the
molar rain ratio (CaCO3 to organic C) of export in combi-
nation with estimates of organic carbon export. The former,
made by Lee [2001], yields 1.4 ± 0.3 Gt PIC yr�1, which
could be construed as a lower limit because it probably
underestimates export in regions like the equatorial Pacific,
which sustain substantial export without generating seasonal
variations in alkalinity. The latter approach was used by
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Sarmiento et al. [2002], who estimated the global mean rain
ratio to be 0.053 (based on vertical alkalinity and nitrate
gradients) and combined this with the Laws et al. [2000]
estimate of export production (11 Gt POC yr�1) to arrive at
global carbonate export of 0.6 Gt PIC yr�1.
[9] In theory, sediment traps located in the upper 200 m of

the water column should constrain export flux. However,
traps located at shallow depths are subject to hydrodynamic
and biological artifacts that may bias the collection of
settling particles. It is not certain whether this bias would
generate high or low carbonate flux values, however.
Floating traps deployed in the Pacific Ocean at low latitudes
[Rodier and Le Borgne, 1997] yield CaCO3 fluxes of 0.9–
3.0 mmol PIC m�2 d�1 falling into traps at 125–150 m.
Floating traps in the NE Pacific [Wong et al., 1999] yield
fluxes of 2.7 mmol m�2 d�1 falling through the 50 m
horizon. If these regional measurements were extrapolated
globally, the fluxes translate into export rates of 1.4 to
4.7 Gt PIC yr�1 (given ocean area of 3.6 � 1014 m2).
The relative importance of autotrophs versus heterotrophs in
PIC export is not well established, but an estimate by
Schiebel [2002] constrains foraminiferal flux at 0.1–
0.2 mmol m�2 d�1 or 0.2–0.3 Gt PIC yr�1. This term in
the carbonate production and export budgets may be over-
looked using modeling and satellite approaches. Floating
traps integrate fluxes over a short time period, and are
subject to high temporal variability; the floating trap fluxes
reported here are higher than the other estimates of export
and this may be related to the limited size of the data set and
the difficulties in interpreting shallow trap data. Novel
sediment trap designs (K. O. Buesseler et al., Estimating
upper ocean particle fluxes with sediment traps, submitted
to Journal of Marine Research, 2007) will, hopefully,
improve this situation.
[10] In summary, estimates of global carbonate production

are between 0.5 and 1.6 Gt PIC yr�1, whereas those for
global carbonate export are between 0.4 and 1.8 Gt PIC yr�1

(not including floating trap data). These fluxes are indistin-

guishable, though, in principle, export should be less than or
equal to production. Although we cannot reliably estimate,
on global scales, the amount of CaCO3 dissolution occur-
ring in the euphotic zone, we note in the Moore et al. [2002,
2004] models, the fraction of carbonate production that is
exported is 50% and 70%, respectively. This contrasts
sharply with that of organic matter cycling. Recent global
estimates of organic matter export are between 10 and
15 Gt POC yr�1 [Jin et al., 2007], whereas global primary
production estimates are in the range of 40–50 Gt POC yr�1;
that is, approximately 20–40% of global primary produc-
tion is exported. Trap, benthic data, and new models
(presented in the following sections) help constrain produc-
tion and export fluxes at values >1.6 Gt PIC yr�1.

3. Dissolution in the Upper Water Column

[11] Profiles of carbonate dissolution in the water column
of the upper ocean [Feely et al., 2004a] indicate maximum
dissolution occurs between 250 and 750 m although in the
Atlantic Ocean, dissolution occurs through 2000 m. The
approach used by these authors provide estimates of alka-
linity increase per mass of water per time (mequivalents
TA* kg�1 yr�1) that were converted to units of carbonate
dissolution given that one mole of carbonate dissolved
produces two equivalents of excess alkalinity. By making
this conversion, the assumption was that the only source of
TA* was carbonate dissolution. Here we re-analyzed those
rates by dividing the Atlantic, Indian and Pacific Oceans
into latitudinal regions. For each region, the water mass age,
which was based on the most recent CFC age models and
data available, and its TA* value was determined for
depths >200 m and <1500 m. We also make the assump-
tion that the source of alkalinity is carbonate dissolution
and use the area and volume of each region to convert
dissolution rates of mmoles PIC kg�1 yr�1 to Gt PIC yr�1

and mmol PIC m�2 yr�1 (Table 1).
[12] The relationship between excess alkalinity and

water mass age does not indicate where that signal was
derived, although the assumption was that carbonate par-
ticles dissolve while settling. Another interpretation is that
sedimentary processes contribute excess alkalinity to the
water column of the upper ocean. In the upper water
column, contact between the ocean and sediments occurs
at the edges of the basin. If excess alkalinity were entering
the ocean horizontally from the continental margins, one
would expect to see onshore/offshore gradients in the TA*
distribution, if mixing is not sufficiently fast to homoge-
nize this parameter. While these gradients are not observed
in E-W transects across the Pacific [Feely et al., 2002], it
is apparent from Table 1 that the northern and southern
regions of the ocean basins have higher carbonate disso-
lution rates per unit area, than the central portions. The
highest rates of excess alkalinity accumulation are in the
North Pacific and North Atlantic Ocean basins.
[13] To assess the role of sediment processes to the TA*

burden in the upper water column, we summarized benthic
chamber alkalinity flux measurements made along the
California margin including sites on the outer shelf and
upper slope [Berelson et al., 1996; Reimers et al., 1992]

Table 1. Summary of CaCO3 Dissolution Flux Estimates in the

Upper Oceana

Location Area, �1012 m2 mmol m�2 day�1 Gt PIC yr�1

Atlantic
>40�N 12.4 1.7 0.06
40�N–40�S 49.1 0.1 0.01
>40�S 18.5 0.6 0.04

Indian
40�N–40�S 42.8 0.9 0.16
>40�S 27.1 1.2 0.14

Pacific
>40�N 9.4 1.7 0.07
40�N–5�N 54.5 1.4 0.33
5�N–5�S 11.3 0.4 0.02
5�S–40�S 40.6 0.0 0.00
>40�S 36.3 1.0 0.16

Total 1.0

aThese values have been determined from TA* and water mass CFC age
models for regions in the Atlantic, Indian, and Pacific oceans and for
depths between 200 and 1500 m. The uncertainty in these rates is
approximately 50%.
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(Figure 1). Between 100 and 800 m the average alkalinity
flux is �2.5 meq m�2d�1, this is very close to the rate at
which excess alkalinity is added to the water column of the
N. Pacific (3.4 meq m�2d�1 from Table 1). Water that
comes in contact with outer shelf sediments (�100 m) may
mix with deeper waters or get subducted to greater depths,
hence these sediments may contribute to TA* at depths
>200 m.
[14] The alkalinity flux from these margins sediments is

attributable to both carbonate dissolution and sulfate reduc-
tion whereby the sulfide reacts with iron oxyhydroxides
producing alkalinity [Hammond et al., 1999]. Relating the
flux of alkalinity from sediments to the injection of alka-
linity per unit area of water requires a comparison between
the areal extent of the water column signal to the area of the
sediment source. We utilized a 2-min gridded global relief
map (ETOPO2V2—NOAA) to assess the hypsometric
distribution of North Pacific Ocean sea floor area and
determined that approximately 8% of the area of the
N. Pacific (between the equator and Aleutian chain) lies
between 100–1500 m water depth (including the Sea of
Okhotsk and the China Sea in this calculation). Thus,
although benthic alkalinity fluxes per unit area of sea floor
are comparable to the water column integrated flux from
TA* calculations, the area of shelf and slope sediments
(100–1500 m) in the North Pacific is too small to contribute
more than 5–8% to the water column excess alkalinity
standing stock.
[15] As a further check of this conclusion, we considered

that the alkalinity flux from California margin sediments are
different than fluxes from other North Pacific margins.
Berelson et al. [1996] noted that TCO2 (total CO2) fluxes
are comparable between the Washington shelf [Devol and
Christensen, 1993], Alaskan shelf [Grebmeier and McRoy,
1989] and California shelf [Berelson et al., 2003], all
averaging 15 mmol m�2d�1. Previous work has shown that

TCO2 fluxes correlate positively with alkalinity fluxes
(Figure 2). Assuming other margins show a decrease in
TCO2 flux with depth comparable to the pattern displayed
off the Californiamargin [Berelson et al., 1996], and using the
relationship between TCO2 and alkalinity fluxes (Figure 2),
the average alkalinity flux from sediments between 100 and
1500 m around the northeastern Pacific margin is not more
than 3.5 meq m�2d�1. Thus the consideration of other
regions around the North Pacific margin does not change
our conclusion that sediments between 100–1500 m are not
likely a major source of TA* to the water column. However,
the alkalinity flux from sediments at water depths <100 m
may be an additional source of TA*, and these waters must
be considered in a final assessment.
[16] The rate of TA* addition to the upper water column

(Table 1) implies that the amount of carbonate falling
through this water column decreases by 1.7 mmol m�2d�1

between export and �1500 m, throughout the North Pacific
at latitudes >40�N. If this process is occurring, sediment
traps should detect a change in carbonate flux of this
amount. A summary of five years of data from the N. E.
Pacific Station P [Wong et al., 1999] includes carbonate
fluxes at 200 and 1000 m. The difference in mean carbonate
flux between these traps is 0.23 mmol m�2d�1, indicating
dissolution of particles between these depths, but not
enough to support the value derived from TA* analysis. It
is possible that the shallow trap undercollected and/or the
deeper trap overcollected or that Station P is not represen-
tative of other portions of the North Pacific. Wong et al.
[1999] also report carbonate fluxes into floating sediment
traps deployed at a depth of 50 m. The mean carbonate flux
at 50 m was 2.7 mmol m�2d�1 and the average flux into

Figure 1. Total alkalinity fluxes from sediments located
off the Central California Margin. Error bars represent the
s.d. of the measurement.

Figure 2. Relationship between TCO2 and total alkalinity
fluxes as derived from benthic chamber experiments
conducted on the Central and Southern California Margin
[Berelson et al., 1996]. Linear regression indicates the
correlation between these parameters and thus how well
TCO2 fluxes can be used to predict alkalinity fluxes.
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traps at 1000 m was 0.6 mmol m�2d�1. Thus, if the floating
trap flux value is representative of CaCO3 export, there may
be sufficient carbonate material raining from the surface
ocean to support a water column dissolution rate of
1.7 mmol m�2d�1. However, the large uncertainties in
floating and shallow sediment trap flux data requires cau-
tion when they are used to evaluate flux budgets [Buesseler,
1991; Yu et al., 2001].
[17] From a global budget perspective, we can compare

the range of export estimates, 0.4–1.8 Gt PIC yr�1, with
the integrated (200–1500 m) dissolution rates of Table 1
(1.0 Gt PIC yr�1). This comparison suggests that the export
estimates of <1.0 Gt PIC yr�1 are low. However, there may
be uncertainties in all of these estimates of ±50%. While
Friis et al. [2006, 2007] recently suggested that a significant
fraction of the TA* inventory in the main thermocline may
be derived from deeper water via transport and boundary
mixing, and that this process may inflate dissolution rate
estimates, we also note that export fluxes based on floating
traps are large enough to account for shallow dissolution
occurring at a rate of 1.0 Gt PIC yr�1 and still allow for the
flux of carbonate to the deep ocean.

4. Dissolution in the Deep Ocean and on the Deep
Sea Floor

[18] Excess alkalinity and water mass ages determined
using 14C tracer data were used to define carbonate disso-
lution rates in the deep waters of the Pacific [Feely et al.,
2002], Indian [Sabine et al., 2002] and Atlantic Oceans
[Chung et al., 2003]. These rates are an order of magnitude
less than in the upper water column: deep rates average
0.05, 0.06 and 0.05 mmoles CaCO3 kg�1 yr�1 for the
Pacific, Indian and Atlantic, respectively. These rates are
defined from water masses deeper than 1500 m and yet it is
not clear whether the addition of alkalinity occurs contin-
uously from 1500 m to the sea floor or at particular
horizons. As there is less TA* data for the deep ocean, this
parameter had to be averaged over larger depth and space
domains than the shallow water estimates.
[19] Profiles of excess alkalinity generally increase

toward the sediment implying that much of the alkalinity
is coming from dissolution at or near the sea floor. This is
most apparent in profiles from the Arabian Sea and the Bay
of Bengal [Sabine et al., 2002] but is also detected in the
Atlantic and Pacific basins. However, there also appears to
be maxima in dissolution that correspond with the depth of
the calcite saturation horizon. Again, an increase in TA*
with depth does not define whether particles dissolve during
settling or if dissolution is occurring on the sea floor.
[20] The deep ocean is in contact with sea floor sedi-

ments, thus a sedimentary source of TA* might be detected

Figure 3. (a) Compilation of sediment carbonate dissolu-
tion rate determinations from Atlantic and Pacific Ocean
sites (Table 2). (b) Dissolution rates as a function of calcite
saturation state (omega). Omega was determined following
the procedures described by Sabine et al. [2002].
(c) Dissolution rates as a function of organic carbon
oxidation (Cox).
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Table 2. Benthic Carbonate Dissolution Rate Measurements Made Using In Situ Sample Collection Methodsa

Site/Reference Latitude Longitude Depth, m Omega (Calcite) CaCO3, mmol/m2day Cox, mmol/m2day

Pacific/Abyssal
Ontong Java

H(96)pH 00�000S 159�400E 2322 1.07 0.13 ± 0.03 . . .
00�000S 160�250E 2966 0.99 0.13 ± 0.03 . . .

J(94)l 00�000S 160�250E 2972 0.95 0.01 ± 0.12 . . .
00�000S 162�410E 4439 0.76 0.19 ± 0.05 . . .

EQPAC
B(94)l 01�000N 102�480W 3380 0.94 0.23 ± 0.11 0.07 ± 0.46

00�000N 110�300W 3800 0.87 0.21 ± 0.08 0.36 ± 0.25
00�000N 121�360W 4250 0.80 0.34 ± 0.07 0.37 ± 0.16
00�000N 139�540W 4370 0.77 0.39 ± 0.12 0.25 ± 0.15
01�500S 139�420W 4475 0.78 0.57 ± 0.05 0.48 ± 0.11
00�000N 139�480W 4440 0.77 0.59 ± 0.05 0.47 ± 0.09
02�020N 140�120W 4540 0.77 0.55 ± 0.07 0.59 ± 0.12
05�050N 139�420W 4560 0.76 0.41 ± 0.04 0.13 ± 0.08

B(90)l 11�000N 140�000W 4900 0.70 �0.19 ± 0.13 . . .
01�000N 139�000W 4400 0.78 0.50 ± 0.10 . . .
05�000N 138�000W 4600 0.76 0.35 ± 0.13 . . .

Southern Ocean
S(01)pw 66�080S 169�370W 3160 0.99 0.07 ± 0.02 0.30

64�120S 170�070W 2745 1.05 0.39 ± 0.12 0.54
63�100S 169�510W 2860 1.08 0.17 ± 0.03 0.36
60�150S 170�110W 3950 0.82 0.11 ± 0.01 0.16
58�410S 169�590W 4345 0.80 0.32 0.32
56�530S 170�100W 4970 0.68 0.27 0.07

Pacific/Margin
Central California

J(97)lb 35�380N 121�370W 790 0.90 0.90 ± 0.49 2.0
35�370N 121�500W 1010 0.93 0.96 ± 0.98 1.8
36�060N 122�360W 3340 0.83 2.90 ± 1.81 2.0
35�270N 122�210W 3745 0.83 1.04 ± 1.12 1.8

R(92)pw/l 35�270N 122�210W 4075 0.81 0.90 1.0
B(96)l 35�240N 121�060W 231 2.06 2.2 ± 1.0 6.0 ± 1.5

35�420N 121�300W 532 1.10 0.8 ± 0.6 3.8 ± 2.9
35�120N 121�180W 638 1.00 0.2 ± 0.7 1.8 ± 1.8
35�120N 121�190W 670 0.92 0.3 ± 0.2 1.1 ± 0.3
35�300N 121�360W 1010 0.93 0.1 ± 0.3 0.9 ± 0.8
36�120N 122�240W 1358 0.97 0.6 ± 0.2 1.8 ± 0.6
36�060N 122�240W 2025 0.94 0.4 ± 0.1 1.1 ± 0.3
36�070N 122�180W 3375 0.83 0.4 ± 0.1 0.7 ± 0.3

Southern California
B(96)l 33�300N 118�240W 896 0.86 0.0 ± 0.2 1.8 ± 0.4

33�420N 118�480W 905 0.86 0.0 ± 0.2 1.7 ± 0.4
33�180N 118�360W 1300 0.86 0.1 ± 0.3 1.2 ± 0.9
33�000N 119�420W 1514 0.86 0.6 ± 0.3 0.9 ± 0.6
32�360N 118�060W 2053 0.91 0.4 ± 0.2 1.1 ± 0.3
32�240N 120�360W 3707 0.78 0.2 ± 0.1 0.4 ± 0.1

B(87)l 33�300N 118�240W 900 0.86 0.27 1.6 ± 0.6
32�570N 119�000W 1800 0.89 0.59 1.3 ± 0.2

J(90)l 33�420N 118�480W 905 0.85 0.0 2.7

Atlantic/Abyssal
Cape Verde Rise

J(94)l 18�280N 21�020W 3110 1.25 �0.11 ± 0.60 . . .
Sargasso

H(94)pHc 36�160N 71�310W 4236 1.15 0.37 ± 0.10 0.49 ± 0.08
34�330N 71�350W 4501 1.02 0.25 ± 0.08 0.38 ± 0.05
34�200N 70�210W 5210 0.85 0.12 ± 0.04 0.22 ± 0.03

Ceara Rise
M(96)pwd 5�160N 44�090W 3279 1.40 0.14 0.59
H(97)pH 5�160N 44�090W 3280 1.40 0.16 . . .
M(96)pwd 5�270N 44�010W 3772 1.25 0.16 0.73

5�170N 43�340W 3990 1.20 0.21 ± 0.10 0.47
H(97)pH 5�170N 43�340W 4000 1.20 0.21 . . .

5�300N 43�300W 4120 1.16 0.15 . . .
M(96)pwd 5�330N 43�360W 4164 1.10 0.19 0.55

5�460N 43�380W 4267 1.00 0.21 0.30
5�450N 43�240W 4342 0.93 0.25 0.44
6�100N 42�530W 4675 0.85 0.11 0.40

H(97)pH 6�100N 42�530W 4685 0.85 0.42 . . .
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depending on the strength of vertical mixing. We have
assembled a compilation of all in situ benthic dissolution
rate data (Table 2), which indicates that sedimentary disso-
lution fluxes increase with depth to approximately 4500 m,
then decrease (Figure 3). The decline in dissolution rate at
depths >4500 m is likely related to the paucity of carbonate
within the sediments at the sites where measurements were
made. The distribution of in situ dissolution measurements
is meager; thus patterns in this pooled data should not be
overinterpreted. Note that no dissolution rate measurements
are reported for the Indian Ocean. The summary provided in
Table 2 includes values of calcite saturation state at or near
the location of benthic dissolution measurements. It appears
that benthic dissolution rates in the deep ocean are weakly
related to calcite saturation state and poorly correlated with
the amount of organic carbon oxidized on the sea floor
(Figure 3).
[21] From a modeling approach, Archer [1996] predicted

that benthic dissolution rates on the deep sea floor would
range from 0.2–0.3 mmol CaCO3 m�2d�1. We find the
average of all benthic dissolution rate measurements for
sites below 2000 m is 0.24 ± 0.17 mmol CaCO3 m�2d�1,
where the uncertainty represents the standard deviation of
37 measurements. The average benthic dissolution rate in
the deep Pacific Ocean is 0.27 ± 0.20 mmol CaCO3 m

�2d�1

and 0.20 ± 0.13 in the Atlantic. Although the Pacific has
deep water that is more undersaturated with respect to
calcite than does the Atlantic, the comparison of dissolution
rates was made over similar depth ranges and at sites where
the organic carbon rain rates were comparable (Figure 3).
Feely et al. [2004a] reported that the Pacific and Atlantic

Ocean deep water mass-derived dissolution rates are similar,
0.05 mmoles CaCO3 kg�1 yr�1. Within uncertainties, the
rate of TA* addition to the deep Atlantic is equal to that of
the deep Pacific and the measured rates of benthic dissolu-
tion are also equal. If we assume that deep water masses are
1500–2000 m thick, the tracer-derived dissolution rate of
0.05 mmoles CaCO3 kg

�1 yr�1 translates into a dissolution
flux of 0.21–0.28 mmol CaCO3 m

�2d�1 which is similar to
the measured values. The excess alkalinity signal in deep
water could be supplied by benthic dissolution if the water
masses are in continuous contact with the sea floor, which is
a reasonable assumption for the deep ocean. Although
carbonate dissolution occurs in sediments at all depths, the
depth range where dissolution rates are significantly greater
than 0 is from approximately 3000–5000 m (Figure 3a).
[22] The preceding discussion suggests that nearly all

TA* added to bottom water could be derived from the sea
floor, yet sediment trap data indicates that there is some
dissolution of carbonate particles as they settle between
2000 and 4500 m. However, this rate is generally small,
<0.05 mmol m�2d�1 [Feely et al., 2004a], which is much
lower than the average in situ benthic dissolution rate. We
conclude that particle settling is a minor source of the TA*
in deep water: approximately 80–90% of the excess alka-
linity signal in deep water can be supplied by benthic
dissolution.
[23] If accurate and representative, sediment traps con-

strain both the flux of PIC rain into the deep ocean and the
export flux. The compilation of sediment trap flux data of
Francois et al. [2002] includes a survey of trap data for
depths >2000 m from the Atlantic, Pacific and Indian

Table 2. (continued)

Site/Reference Latitude Longitude Depth, m Omega (Calcite) CaCO3, mmol/m2day Cox, mmol/m2day

PAP
R(01)le 48�500N 16�300W 4850 0.96 0.4 ± 0.1 0.46 ± 0.37

Atlantic/Margin
New England

H(94)pH 39�370N 69�400W 2159 1.75 0.51 ± 0.15 0.82 ± 0.14
Cape Hatteras

J(00)lf 36�050N 74�440W 850 3.53 0.71 ± 0.29 3.27
36�300N 74�410W 740 3.53 4.34 ± 0.74 6.16
32�420N 75�510W 2927 1.48 1.41 ± 0.42 0.97
37�200N 74�440W 761 3.53 1.72 ± 0.55 3.37
36�270N 74�430W 755 3.53 4.76 ± 0.51 7.23
35�230N 74�500W 855 2.90 2.00 ± 0.93 6.18
36�090N 74�030W 2635 1.60 1.66 ± 0.67 2.58
36�200N 74�440W 721 3.53 5.09 ± 0.94 2.66
36�200N 74�440W 730 3.53 8.31 ± 0.14 6.89
35�510N 74�490W 607 4.65 6.00 ± 1.99 8.23

Gabon
P(03)pH/pw 00�410S 08�230E 1251 1.80 0.99 1.1
W(01) 00�410S 08�230E 1251 1.80 0.55 0.53

02�040S 08�380E 1317 1.65 0.58 0.97

aAbbreviations: l, lander; pH, microelectrode; pw, pore water; B(87), Berelson et al. [1987]; B(90), Berelson et al. [1990]; B(94), Berelson et al. [1994];
H(94), Hales et al. [1994]; H(96), Hales and Emerson [1996]; H(97), Hales and Emerson [1997]; J(90), Jahnke [1990]; J(94), Jahnke et al. [1994]; J(97),
Jahnke et al. [1997]; J(00), Jahnke and Jahnke [2000]; M(96), Martin and Sayles [1996]; P(03), Pfeifer et al. [2003]; R(92), Reimers et al. [1992]; R(01),
Rabouille et al. [2001]; S(01), Sayles et al. [2001]; W(01), Wenzhofer et al. [2001]; Omega refers to the saturation state of calcite at or near the location
cited, and Cox is the rate of organic carbon oxidization in the sediment.

bUses calcium flux values and Cox from R(92).
cUncertainty represents the range of values.
dPore water measured values reported, if two values are given the average is reported.
eCox from Ståhl et al. [2004].
fUses calcium flux values and averages stations J&K and L&M.
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Oceans. The average flux of carbonate to traps in the
Atlantic and Pacific Oceans (where benthic dissolution rate
measurements have been made) is 0.32 ± 0.22 mmol CaCO3

m�2d�1. This includes 51 measurements made primarily in
the Northern Hemisphere. If the Indian Ocean trap data are
included, the global average increases to 0.38 mmol m�2d�1.
Given the carbonate rain to depths below 2000 m in the
Atlantic and Pacific is 0.32 mmol m�2d�1 and the average
of benthic dissolution measurements is 0.24 mmol m�2d�1,
this difference allows for a small quantity of carbonate
arriving on the sea floor which does not dissolve. A
summary of Holocene sediment mass accumulation rates
by Catubig et al. [1998] provides an estimate of carbonate
accumulation in the deep sea, 0.08 mmol m�2d�1. Although
there is considerable uncertainty in all these global flux
estimates, there is a remarkable consistency between these
three data sets: rain = benthic dissolution + burial. The
uncertainty in this balance leaves room for some PIC dissolu-
tion during settling through the deep-water column, however,
the predominance of evidence suggests that most deep-
water excess alkalinity is derived from benthic dissolution.

5. Water Column Chemistry and Carbonate
Rain Rates: Regional Budgets

[24] The global averages presented above are likely to
obscure regional patterns that may point to changes in
carbonate cycling occurring on the anthropogenic timescale.
For example, the summary of carbonate rain, dissolution

and burial at the Porcupine Abyssal Plain station [Rabouille
et al., 2001] and at US-JGOFS EqPac sites [Berelson et al.,
1997] both suggest that carbonate budgets are not com-
pletely balanced. Whereas the results of Berelson et al.
[1997] were interpreted as a change in benthic dissolution
rates that may have occurred �3000 years ago, Rabouille et
al. [2001] contend that recent changes in surface ocean
ecology have decreased the flux of PIC to the deep North
Atlantic within the last 20–100 years. They found insuffi-
cient input of PIC to balance dissolution and burial rates. A
connection between this observation and the invasion of
anthropogenic CO2 and acidification of the North Atlantic
[Sabine et al., 2004] is conjecture, yet speaks to the
importance of assessing regional carbonate budgets.
[25] There is a large change in the depth of the calcite

saturation horizon occurring around 20�N–30�N in the
North Pacific Ocean [Feely et al., 2004a]. The horizon
shoals from about 2700 m at the equator to <1000 m north
of 30� within the central Pacific basin. Sediment traps
located at Ocean Station P (50�N, 145�W [Wong et al.,
1999]) and in the equatorial Pacific (140�W [Honjo et al.,
1995]) provide an opportunity to investigate the impact of
water column dissolution (Figure 4). As stated earlier, traps
at depths shallower than 1000 m, especially where current
flow may be vigorous, are likely to overcollect or under-
collect material; hence their flux values are less accurate.
However, multiple years of collection, as available at EqPac
and Station P, may help minimize random uncertainties.
Systematic trapping uncertainties may still skew the data.
The pattern of carbonate rain versus trap depth does show
that there is likely more particle dissolution occurring in the
1000–4000 m depth range in the North Pacific than in the
equatorial Pacific. Given the severe shoaling of the calcite
saturation horizon in the North Pacific, this is exactly what
thermodynamic control on carbonate dissolution would
predict. Moreover, this trend implies that acidification of
the water column will likely decrease the flux of carbonate
due to water column dissolution. Although the magnitude of
water column dissolution in deep water is small compared
to the rate at which benthic dissolution is occurring,
dissolution of settling carbonate particles is happening and
occurs more in high latitudes, where the saturation horizon
is relatively shallow, than in low latitudes. We suggest that
dissolution of settling particles occurs both in the upper
water column and deep water column, to a greater extent in
the upper water column, and to a greater extent at high
latitudes compared to low latitudes.

6. PIC:POC

[26] Satellite imagery has been used to determine the
standing stock of PIC and POC in global waters [Balch et
al., 2005], yet one outstanding question is whether the
carbonate that a satellite detects includes most of the
carbonate that sinks to the ocean interior. The following
calculations and summaries shed some light on this
question.
[27] By integrating the data of Balch et al. [2005], we

determined the global average standing stock of PIC in the
euphotic zone, 5.4 mmol m�2 (excluding >80� latitudes).

Figure 4. Average rain of CaCO3 into sediment traps
located near 1000 and 4000 m. The Station P trap data is
presented by Wong et al. [1999] and the EqPac data is a
compilation of traps located between 5�N and 5�S and
represents an average of fluxes reported by Dymond and
Collier [1988] and Honjo et al. [1995] summarized by
Berelson et al. [1997]. Although there is seasonal, annual
and spatial variability in fluxes, the error bars represent the
standard error of the mean for n annual average flux values.
At EqPac, n = 8, at Station P, n = 5 at 1000 m and n = 9 at
3800 m.
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Given the range of PIC export, 0.4–1.8 Gt PIC yr�1 (= 0.3–
1.1 mmol m�2d�1), the carbonate particles seen by satellite
imagery reside in the surface ocean for a period of 5–
18 days. Balch and Kilpatrick [1996] made measurements
of PIC standing stocks and the rate of calcification along a
transect across the equator at 140�W. They found that PIC
residence time in the euphotic zone was 3–15 days. Poulton
et al. [2006] also determined PIC residence times in the
Atlantic as �3 days, hence regional studies of carbonate
cycling are consistent with the global compilation data
presented here.
[28] The latitudinal pattern of PIC, derived from the

satellite analysis, was compared to the compilation of
sediment trap carbonate fluxes [Francois et al., 2002] to
see how standing stock relates to carbonate rain (Figure 5).
The standing stock of PIC has a systematic pattern as a

function of latitude; the higher-latitude ocean contains, on
an annual average, more PIC than does the low-latitude
ocean per unit area. Whereas PIC standing stocks decrease
from high latitudes toward the equator, trap fluxes generally
increase. The trap data, mostly within the Northern Hemi-
sphere, show high variability but both the Atlantic and
Pacific data have trends that indicate larger rain rates at low
latitudes. The Pacific data show a strong gradient in trap
flux between 18�N and the equator whereby carbonate rain
increases by a factor of 10. The trap data indicate that
carbonate rain is 5–10 times greater in the subtropical
Indian Ocean compared to the Pacific, although these fluxes
may be strongly influenced by monsoonal fluctuations. To
minimize over generalizing the global patterns, we also
compared the rain of carbonate into deep traps to PIC
standing stocks in five biogeographical regions (Figure 6)
[after Longhurst, 1998]. This analysis shows little system-
atic relationship between these parameters.
[29] The poor coherence between satellite PIC standing

stock distributions and long-term trap data may reflect
temporal variability in these data, differences in the effec-
tive sampling depth for satellites and sediment traps, or may
point to processes occurring to lessen the rain of particulate
carbonate in high latitudes and enhance the rain in low
latitudes. One process that could impart the patterns
observed would be if carbonate particles resided longer in
the euphotic zone of high-latitude oceans than in low-
latitude oceans. Another possibility is that PIC rain at low
latitudes is dominated by particles not observed by satel-
lites, perhaps foraminifera. Also, greater rates of water
column dissolution driven by the lower saturation state at

Figure 5. (top) Annual average of PIC standing stock in
the euphotic zone of the global ocean (derived from Balch et
al. [2005]). (bottom) Sediment trap flux compilation from
Francois et al. [2002]. Each point represents the results
from a single trap located between 2000 and 5200 m.

Figure 6. Standing stock of PIC and the PIC flux into
sediment traps for five biogeochemical provinces (as
defined by Longhurst [1998]). The PIC standing stock is
the annual average value from Balch et al. [2005] and the
trap flux is from the compilation of Francois et al. [2002].
The trap data include traps deployed at different locations
but within the province region. The error bars represent s.d.
of the mean of all the traps in a given region.
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high latitudes compared to low latitudes would serve to
generate the pattern observed.
[30] Satellite analysis also provides an assessment of the

ratio of carbonate to organic carbon (PIC:POC) standing
stocks [Balch et al., 2005], and water column tracer data
allow PIC:POC export ratios to be estimated [Sarmiento et
al., 2002]. Both the standing stock compilation of Balch et
al. [2005] and the analysis of Sarmiento et al. [2002]
indicate similar global average export values of PIC:POC
� 0.05. In Figure 7 we present a compilation of PIC:POC
rain ratios, which shows that what falls into a sediment trap
is enriched in PIC relative to POC as compared to material
exported from the euphotic zone. The trend in increasing
PIC:POC in rain material is attributable to preferential loss
of POC as particles settle [Feely et al., 2004b]. Assuming
POC rain versus depth follows a predictable function, the
pattern of PIC:POC ratio versus depth can be used to predict

PIC flux and hence, water column PIC dissolution. This
approach certainly has drawbacks, by using a ratio one
amplifies the sensitivity to errors in the value of two
parameters. However, the use of a ratio also has certain
benefits, if it is assumed that PIC and POC are particles that
get transported together, the analysis of a ratio becomes a
sort of ‘‘normalization’’ approach that may eliminate inac-
curacies in absolute flux values.
[31] To apply this approach for estimating PIC flux, we

exploit the well-known Martin function for sinking POC
flux [Martin et al., 1987]. It has been shown that many
regions of the global ocean have sediment trap fluxes that
generally conform to the Martin function [Berelson, 2001],
which is described by

FPOC zð Þ ¼ FPOC z0ð Þ z=z0½ 	�b;

Figure 7. PIC:POC ratios in sediment trap material as a function of trap depth. Data from: Station P
[Wong et al., 1999]; EqPac [Rodier and Le Borgne, 1997; Honjo et al., 1995]; W. Pacific Warm Pool
[Rodier and Le Borgne, 1997; Kawahata et al., 2000]; N. Atlantic [Lampitt et al., 2001; Honjo and
Manganini, 1993].
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where FPOC is the sinking flux of POC, z is the depth and z0
is typically chosen to be near the base of the euphotic zone.
The Martin function enjoys widespread use in 3-D models
of the marine carbon cycle, which are typically evaluated
with nutrient, oxygen and TCO2 distributions [e.g., Najjar
et al., 1992; Gnanadesikan et al., 2004]. Martin et al.
[1987] chose b = 0.86 as a fit to open ocean sediment trap
data in the North Pacific, whereas subsequent inverse
studies and model tuning exercises give values of b that
vary between about 0.7 and 1.1 [Yamanaka and Tajika,
1996; Schlitzer, 2002; Kwon and Primeau, 2006; Primeau,
2006].
[32] The PIC:POC data from traps located at Sta. P, the N.

Atlantic, EqPac and the W. Pacific Warm Pool (Figure 8)
were each fit with an equation of the form

r zð Þ ¼ r z0ð Þ þ c log z=z0½ 	;

where r(z) is the PIC:POC flux ratio, c is a slope parameter
and r(z0) is the initial export PIC:POC ratio. Fits to the four
different locations provide a range in c of 0.7–1.1 and a

range in r(z0) of 0.06–0.35. However, given reasonable
bounds on PIC export (0.4–1.8 Gt PIC yr�1, this study) and
POC export (8–12 Gt C yr�1 [Jin et al., 2007]) a reasonable
range of r(z0) parameters is 0.04–0.2. Several PIC:POC
versus depth curves were generated using the equation
above and the parameter ranges cited (top two right panels
in Figure 8). To assess variability in POC flux, we used
FPOC(z0) = 10 Gt POC yr�1 and generated different patterns
of POC versus depth by varying Martin function parameter
b (top left panel in Figure 8). The product of POC flux and
PIC:POC at any depth produces a model pattern of PIC rain
versus depth (bottom panels in Figure 8).
[33] The models show an increase in PIC flux in the upper

300 m that can not be easily explained by natural phenom-
ena and is likely due to the functions we choose to simulate
POC and PIC:POC versus depth. However, this pattern
could represent carbonate added to sediment traps in shal-
low waters by the action of ‘‘swimmers’’ or selective
collection of carbonate particles. We view this portion of
the plots with some skepticism, yet the remaining trend in
PIC rain versus depth suggests that: (1) there might be as

Figure 8. (top left) Martin function with an export value of 10 Gt C yr�1 and illustrates rain versus
depth for three values of b. The open circles are depth-binned (2000–3000, 3000–4000, 4000–5000)
average sediment trap POC flux values from Francois et al. [2002]. (top center and right) PIC:POC
versus depth patterns given different values of r(z0) and c. These curves use base case values c = 0.9,
b = 0.9 and r(z0) = 0.1. (bottom) PIC rain predicted from the variability in the panel above. The bottom
left panel demonstrates how small changes in b have a large impact on the predicted PIC flux. The bottom
middle and right panels show much less sensitivity to PIC:POC parameterization. Measured trap PIC
fluxes (open symbols, bottom panels) suggest b values are likely >0.9.
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much as 2 Gt PIC yr�1 leaving the upper ocean, (2) there
could be >1 Gt PIC yr�1 dissolution during settling through
the upper 1500 m, and (3) there is carbonate dissolution
occurring as particles settle below 2000 m, on the order of
0.1–0.2 Gt PIC yr�1. This simplified model predicts a flux
of PIC of approximately 0.7 Gt PIC yr�1 falling between
2000 and 5000 m, which is consistent with trap data
(Figure 8).

7. Developing a Revised Global Carbonate
Budget

[34] An updated compilation of carbonate production
[Balch et al., 2007], sediment trap rain [Francois et al.,
2002], water column and benthic dissolution rates (this
paper) help refine and constrain terms in Feely et al.’s
[2004a] carbonate budget. Globally averaged, estimates of
carbonate production range from 0.5 to 1.6 Gt PIC yr�1

(0.3–1.0 mmol m�2d�1) and export estimates range from
0.4 to 1.8 Gt PIC yr�1 (0.3–1.1 mmol m�2d�1). Our
assessment of sediment trap data suggests that fluxes of PIC
below 2000 m water depth averages 0.6 ± 0.3 Gt PIC yr�1

(0.4 ± 0.2 mmol m�2d�1), sea floor dissolution for sites
>2000 m averages 0.4 ± 0.3 Gt PIC yr�1 (0.24 ±
0.17 mmol m�2d�1) and carbonate burial in deep marine
sediments is 0.1 Gt PIC yr�1 (0.08 mmol m�2d�1) (Table 3).
Below 2000 m, this budget compilation shows excellent
agreement between estimates of carbonate fluxes deter-
mined with completely different approaches and averaging
vastly different global regions. Given that dissolution of
carbonate particles as they sink between 200 and 1500 m
could account for 1.0 ± 0.5 Gt PIC yr�1 and assuming a trap
flux value of 0.6 Gt PIC yr�1, the export flux of carbonate
would be constrained at 1.6 Gt PIC yr�1. This constrains
carbonate production as greater or equal to 1.6 Gt PIC yr�1.
Even if the upper ocean dissolution flux is overestimated by
50%, the predicted export value would be 1.1 Gt PIC yr�1,
which is larger than many model-based estimates.
[35] The global averages presented above will be contin-

ually modified as more measurements and models provide

refinement of the major flux terms. The work of Milliman et
al. [1999] and Feely et al. [2004a] has opened a new
window into the importance of water column processing
of CaCO3 particles. Both the difference between export flux
and flux into traps at 2000 m and water column tracer
studies implicate water column dissolution as a major term
in the carbonate budget.

8. Summary and Conclusions

[36] Various methodologies have been applied to con-
strain carbonate budgets and examine the role of benthic
and water column dissolution of PIC. Within the North
Pacific Ocean >40�N, between 200 and 1500 m, the rate of
TA* addition to well-dated water masses suggests a disso-
lution rate of PIC from settling particles equal to 1.7 mmol
CaCO3 m�2d�1 (0.07 Gt PIC yr�1). Although there is a
significant flux of alkalinity from outer shelf and upper
slope sediments, benthic processes contribute only 5–10%
of the TA* signal because the areal extent of these sedi-
ments is small compared to the area over which the water
column signal is generated.
[37] A compilation of upper ocean TA* and water mass

ages indicates that high rates of water column PIC dissolu-
tion occurs at high latitudes in the Atlantic, Indian and
Pacific Oceans. Of the 1 Gt PIC yr�1 dissolving during
particle sinking, 60% occurs in the Pacific and 30% in the
Indian Ocean. Regions of the global ocean where the
saturation horizon shoals are regions where higher rates of
PIC dissolution occur. Sediment trap results from Station P
and EqPac support our conclusion that water column
dissolution of PIC occurs to a greater extent at high
latitudes.
[38] We compiled all in situ benthic carbonate dissolution

rate measurements and found an average dissolution flux of
0.24 ± 0.17 (s.d., n = 37) mmol CaCO3 m�2d�1 for sites
between 2000 and 5000 m in the Atlantic and Pacific
Oceans. The relationship between TA* and deep-water
age indicates a rate of PIC dissolution of 0.05–0.06 mmoles
moles CaCO3 kg�1 yr�1 [Feely et al., 2002; Sabine et al.,
2002; Chung et al., 2003]. Applied to a water column
1500–2000 m thick, these values translate to 0.21–
0.33 mmol CaCO3 m

�2d�1. Benthic dissolution, therefore,
can account for most of the observed changes in TA* in
deep waters if the water column in contact with the sedi-
ments is 1500–2000 m thick. The increase in TA* near the
sediment boundaries provides further support for a sedi-
mentary source. Benthic carbonate dissolution rates are
highest between 3500 and 5000 m water depth.
[39] The global average flux of carbonate particles

through 2000 m is 0.38 ± 0.24 mmol m�2d�1 (0.6 ±
0.4 Gt PIC yr�1) and the pattern of carbonate rain as a
function of latitude shows a weak trend toward greater
fluxes at low latitudes. The pattern of PIC standing stocks
in the euphotic zone as determined from satellite imagery
shows the opposite pattern, higher PIC at the high latitudes.
The offset between the pattern of standing stock and
particulate rain could imply processes controlling carbonate
packaging and transport through the water column are very
different at high and low latitudes. Carbonate dissolution in

Table 3. Summary of CaCO3 Flux Estimatesa

Flux Term mmol CaCO3 m
�2d�1 Gt PIC yr�1

Production or calcification
in the euphotic zone

0.3–1.0 0.5–1.6

Export from surface
(models)

0.3–1.1 0.4–1.8

Export from surface
(traps, Pacific)

0.9–3.0 1.4–4.7

Dissolution in upper 200–1500 m
Atlantic 0.3 0.1
Pacific 0.8 0.6
Indian 1.1 0.3
Total 1.0

Export to traps below 2000 m 0.38 ± 0.24 0.6 ± 0.4
Dissolution on sea floor below

2000 m (Atlantic and Pacific)
0.24 ± 0.17 0.4 ± 0.3

Burial in Holocene sediments 0.08 0.1

aValues are for global budgets, except where noted.
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undersaturated waters at high latitudes could also contribute
to this offset.
[40] Most sites in the open ocean achieve PIC:POC values

of >1 as particles fall through 1000 m and >1.5 as particles
fall through 4000 m. If the rain of POC versus depth follows
a Martin function, a model that predicts PIC flux from
PIC:POC ratios indicates that carbonate dissolution occurs as
particles settle throughout the water column, the amount of
dissolution could be >1 Gt PIC yr�1 in the upper 1500 m, and
this model confirms a flux of PIC into deep (>2000 m)
sediment traps of 0.4mmolCaCO3m

�2d�1 (0.6Gt PICyr�1).
[41] The global carbonate budget is far from resolved.

While evidence supports the high rates of PIC dissolution in
the upper water column, few models of production or export
can support any dissolution given a sediment trap flux of
0.6 Gt PIC yr�1. However, the measurements by Poulton et
al. [2006] do indicate high rates of carbonate production
over broad regional scales. It is possible that estimates of
dissolution in the upper water column are exaggerated by
uncertainties in mixing models used to establish water mass
age. However, dissolution in the upper water column is
supported by trap data and appears unbiased by the flux of
alkalinity from outer shelf, upper slope sediments. The
present data suggests that dissolution of settling particles
occurs both in the upper water column and deep water
column, to a greater extent in the upper water column, and
to a greater extent at high latitudes.
[42] The export and remineralization rates of PIC and

POC are critical components in controlling the pCO2

content of the surface ocean [Sarmiento et al., 2002]. The
baseline values established here can be improved upon
given continued measurements and modeling efforts dedi-
cated to understanding carbon cycling.
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