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During the last glacial termination, the rise in atmospheric pCO2 was accompanied by a precipitous drop in surface ocean Δ14C that cannot be explained by
changes in 14C production alone and therefore appears to require a ﬂux of 14Cdepleted carbon into the surface ocean. The magnitude of this Δ14C excursion is
hard to reconcile with an ocean-only mechanism of CO2 regulation. Here we
explore the possibility that hydrothermal sources of CO2 contributed to glacial/
interglacial CO2 variability and to the Δ14C variations during the last deglaciation.
We hypothesize that as the ocean cooled during glaciations CO2-hydrate stability
expanded upward to shallower depths and over a broader region of the seaﬂoor,
reducing the ﬂux of 14C-depleted CO2 into the ocean from sediment reservoirs that
blanket active vents throughout the ocean. Conversely, as the oceans warmed
during deglaciation, the CO2-hydrate stability horizon deepened and caused a
transient release of 14C-depleted CO2 from the sediment reservoirs. Using a
transient glacial-interglacial simulation conducted with the Earth system model of
LOVECLIM, we estimate that ~3°C temperature increase at intermediate water
depths in the Paciﬁc during the last deglaciation would have been large enough to
lower the hydrate stability horizon by several hundred meters and signiﬁcantly
reduce the areal extent of seaﬂoor where hydrate was stable. This hypothesis would
explain why 14C ages of abyssal water masses were not anomalously old during the
last glacial and why there was a large radiocarbon activity (Δ14C) anomaly during
the last deglaciation at intermediate (500–700 m) water depths.
1. INTRODUCTION
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Among of the most striking aspects of Earth’s natural longterm climate behavior are the abrupt terminations of ice ages
and their close temporal relationship to rising concentrations
of atmospheric CO2 (Plate 1). The last ice age ended between
19 and 10 kyr B.P., accompanied by an ~80 ppm rise in
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atmospheric CO2 (Plate 1) [Jouzel et al., 2007; Luthi et al.,
2008]. Indeed, each glacial/interglacial climate transition
during the past 500 kyr was associated with similar atmospheric CO2 change. The remarkable similarity in atmospheric
CO2 variability during the late Pleistocene glacial-interglacial
cycles points to a regulatory mechanism that systematically
limits the range of atmospheric CO2 change between a glacial and an interglacial climate state. Given the close temporal relationship between atmospheric CO2 changes and
temperature variability at high southern latitudes, it appears
the “center of action” for regulation of atmospheric CO2
lies at high southern latitudes. But is the Southern Ocean
itself responsible for the uptake and release of CO2 to and
from the atmosphere, or was the Southern Ocean simply a
conduit through which climate change was communicated to
the deep ocean where CO2 was stored during glacials and
released during deglaciations?
We set forth a hypothesis wherein the high latitude oceans
act as communicator of orbitally induced climate change
(temperature) to the deep sea. This temperature change stimulates a thermodynamic response at sites in the ocean
where seawater ﬂows through hydrothermal conduits and
generates CO2 and CO2-rich ﬂuids that accumulate in sediments that ﬂank active volcanic vents. Hydrothermal systems
in the Paciﬁc act as both a source and sink for carbon. In the
western Paciﬁc, subduction of oceanic crust results in decarbonation of the carbonate sediments that produces CO2-rich
ﬂuids and liquid CO2 [Chivas et al., 1987; de Ronde et al.,
2007; Embley et al., 2006; Inagaki et al., 2006; Lupton et al.,
2006, 2008; Massoth et al., 2007; Resing et al., 2004, 2009].
Recent surveys of these vents highlight accumulations of
liquid CO2 and CO2-rich ﬂuids in sediments that blanket the
ﬂanks of active vent sites [Inagaki et al., 2006]. The ﬂux of
CO2 and CO2-rich ﬂuids from sediments at active vent sites
is regulated in part by CO2 hydrate that can form at the
sediment/water interface where warm, buoyant CO2-rich
ﬂuids come in contact with cold seawater. The ﬂux of CO2
into the overlying ocean is regulated by diffusion and dissolution of CO2 at the hydrate-sediment/water interface. Today,
the temperature and pressure-dependent hydrate stability
horizon occurs at intermediate water depths below ~700 m
where temperatures are less than 9°C (Plate 2). Many of the
active hydrothermal vents in the Paciﬁc occur at intermediate
depths [Cheminée et al., 1991; Chivas et al., 1987; Hilton et
al., 1998; Inagaki et al., 2006; Lupton et al., 2008; McMurtry
et al., 1993].
Coinciding with the discovery of liquid CO2 accumulations at active submarine arcs in the Paciﬁc, there have also
been signiﬁcant advances in the estimates of the ﬂow of
seawater and heat exchange at active vents along the axis
and off axis of spreading centers in the eastern Paciﬁc [Fisher

et al., 2003; Hutnak et al., 2008; Stein and Stein, 1994].
These studies provide insight about the ﬂux of seawater
through the hydrothermal conduits and how this ﬂux is
inﬂuenced by temperature differences between cold seawater
that enters a hydrothermal system and the warmer ﬂuids that
emanate at active vents [Fisher et al., 2003; Hutnak et al.,
2008]. If shown to be representative of a wider distribution of
active submarine vent systems throughout the Paciﬁc, these
estimates from the northeast Paciﬁc imply very high volume
ﬂows, as much as 50 L s 1 at some sites [Walker et al., 2008].
Using heat ﬂow estimates and measurements of dissolved
inorganic carbon (DIC) together with the isotopic composition (δ13C and Δ14C) of DIC from the cold inﬂow water and
warm outﬂow water, Walker et al. [2008] made a compelling
case that hydrothermal systems may sequester signiﬁcant
volumes of carbon, both as precipitated carbonate in shallow
crustal rocks and presumably as CO2-rich subsurface ﬂuids.
We are drawn to these observations as possible inﬂuences
on glacial/interglacial CO2 cycles. We begin by reviewing
some of the previous hypotheses that have been considered
in efforts to explain atmospheric CO2 variability during the
Pleistocene. In reviewing the previous hypotheses, it is evident that no single hypothesis can explain all of the phenomena that accompanied glacial/interglacial CO2 variability,
particularly the marked shifts in surface ocean Δ14C during
the most recent glacial termination. We then set forth our
reasoning and a physical basis for considering an alternative
mechanism for CO2 variability.
2. PREVIOUS HYPOTHESES
During the last glacial termination, the rise in atmospheric
CO2 began at ~18 kyr B.P. Between 17.5 and 14.5 kyr B.P.,
the concentration of atmospheric CO2 rose by about 50 ppm.
The source of carbon released to the atmosphere must account for a 190‰ drop in atmospheric and surface ocean
Δ14C between ~18 and 14 kyr B.P. (Figure 1) because it
appears that there was no change in the production of cosmogenic isotopes at that time [Broecker and Clark, 2010;
Finkel and Nishiizumi, 1997]. Broecker and Clark [2010]
estimated that ~5000 Gt of radiocarbon-dead carbon would
be required to shift the entire ocean and the atmosphere
carbon reservoirs by 190‰. With this constraint in mind,
the most likely reservoir for sequestration of CO2 would
seem to be the abyssal ocean [Broecker and Clark, 2010].
Calling upon such a reservoir requires there to be a distinctive isotopic ﬁngerprint in biogenic carbonate that came in
contact with this water mass. Yet after more than 20 years of
research, there is no clear evidence that an abyssal water
mass was isolated from the atmosphere for anomalously
longer periods of time during the last glacial [Broecker and
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Plate 1. Graph of CO2 (red) obtained from a composite of different ice core CO2 measurements [Jouzel et al., 2007; Luthi
et al., 2008] and reconstructed temperature (back), measured in the EPICA Dome C ice core [Jouzel et al., 2007].

Clark, 2010]. There have been suggestions that some regions
of the abyssal ocean contained anomalously old carbon
[Sikes et al., 2000; Skinner et al., 2010]. However, interpretations of available data from the deep sea are not unequivocal. For example, two studies that used 14C age differences

Plate 2. Phase diagram for CO2 as a function of temperature and
pressure showing how cooling during glaciations would shift the
depth of hydrate stability upward. The modern temperature gradient
through the water column [Levitus, 1994] is shown in red for a site
located at 164°E, 30.5°S. An estimate of temperature gradient at this
site for glacial conditions (blue), obtained by adding the difference
of the Last Glacial Maximum (LGM)-present-day anomaly simulated
by the LOVECLIM LGM simulation [Timmermann et al., 2009] to
the Levitus [Levitus, 1994] present-day climatology, is shown. Note
that today, CO2 hydrate is stable below 700 m, but in the glacial
ocean, it expanded upward more than 300 m at this location.

between planktonic (Globigerina bulloides) and benthic
foraminifera from abyssal cores from the South Atlantic
(TN057-5, 41°S, 10°E, ~4700 m by C. Charles (unpublished
results, 2010) and TN057-21, 41°S, 7°E, ~4900 m by Barker
et al. [2010]) found no clear evidence of anomalously old
abyssal water mass ages during the last glacial, whereas
Skinner et al. [2010] made 14C age measurements for planktonic and benthic foraminifera from another South Atlantic
core located at 44°4.46′S, 14°12.47′W, 3.8 km (MD07-3076
CQ) that suggest ventilation ages were higher during the last
glacial. The differences between these records are enigmatic
and underscore the difﬁculty in using planktonic-benthic 14C
age differences as estimator of water mass age. As Skinner et
al. point out, there are signiﬁcant uncertainties associated
with reservoir age corrections for planktonic age estimates,
the species used to estimate surface ages and inherent errors
due to contamination and reworking. Given the magnitude of
Δ14C change during the last glacial termination, it would
seem most likely that abyssal sites in the Atlantic and the
Paciﬁc should record anomalously old 14C ages. Yet in
reviewing the 14C data from sites at 41°S in the Atlantic
[Barker et al., 2010] and abyssal sites within the Paciﬁc,
Broecker and Clark [2010] conclude there is no convincing
evidence to support the existence of an anomalously old
water mass at abyssal depths during the last glacial.
Identifying an appropriate oceanographic mechanism to
explain enhanced sequestration of atmospheric CO2 during
glaciations has also been problematic. Sigman and Boyle
[2000] pointed out, for example, that simple ocean mechanisms for atmospheric CO2 regulation, such as enhanced
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Plate 3. (left) Present-day temperature at 400 m: blue shading (orange coloring) characterizes temperatures below (above)
CO2 triple-point temperature indicating CO2 clathrate stability (instability). The temperature data are taken from the work
of Levitus [1994]; cyan contours indicate the triple-point temperature at 400 m depth. (right) LGM temperature at 400 m;
coloring same as left. The LGM temperature data are obtained by subtracting an LGM temperature anomaly estimate from
the Levitus [1994] temperature climatology. The LGM temperature anomaly estimate is obtained by averaging the
difference between LGM and present-day simulations obtained from two climate models: (1) the LOVECLIM climate
model [Timmermann et al., 2009] and (2) the CCSM3 model [Otto-Bliesner et al., 2006].

solubility into a colder glacial ocean would account for only
a small, ~30 ppm, portion of the total 80 ppm decrease in
glacial atmospheric concentrations. Higher salinities in the
glacial ocean, as well would have offset the effects of enhanced solubility. Carbonate chemistry and shifting carbonate deposition have also been considered as inﬂuences on the
atmospheric CO2 variability during glacials [Ainsworth et

Plate 4. Timing of Southern Ocean temperature (black) and sea ice
(red) change during the last glacial termination in relation to the
austral spring insolation at 70°S (W m 2, blue). The Southern
Ocean SST index is obtained by averaging over the spline-interpolated SST records from MD88-770 MD97-2120, RC11-120; the sea
ice proxy is derived from the sea salt sodium ﬂux in the EPICA
Dronning Maud Land (EDML) ice core and plotted on common
EDML1/EDC3 time scale.

al., 2004; Archer and Maier-Reimer, 1994; Brigault et al.,
1998; Broecker, 1982, 2009b; Broecker and Clark, 2003;
Marchitto et al., 2005]. For this mechanism to explain the
recurrent ~80–100 ppm drops in atmospheric CO2 during
glacials, decreased carbonate deposition in the oceans would
have to be invoked. The deep-sea carbonate record itself
does not provide a clear indication that this factor was the
primary inﬂuence on glacial/interglacial CO2 variability, although it very likely contributed to the variability [Broecker
and Clark, 2001; Farrell and Prell, 1989]. Furthermore,
while shallow water carbonate deposition was reduced during glacials, the deglacial increase in deposition on the continental shelves and at shallow carbonate reefs did not occur
until after sea level had risen and, therefore, well after atmospheric CO2 had begun to increase.
Considerable research has focused on mechanisms to enhance carbon transfer into the ocean’s interior during glacials
via biological processes termed the “biological pump.” The
Southern Ocean has received most attention because macronutrients are not fully utilized there. If biological sequestration
of carbon was increased within the Southern Ocean during
glacials, it could have enhanced transfer of CO2 from the
atmosphere into the ocean interior [Adkins et al., 2002; Ito and
Follows, 2005; Keeling and Stephens, 2001a, 2001b; MassonDelmotte et al., 2005; Rozanski et al., 1992; Sarmiento and
Toggweiler, 1984; Siegenthaler and Wenk, 1984; Sigman et al.,
2010; Stephens and Keeling, 2000; Toggweiler and Sarmiento,
1985]. It is also possible, although debated, that weakening or
equatorward displacement of westerly winds over the Southern
Ocean during glacials reduced Ekman pumping and upwelling
of carbon-rich waters to the surface during glaciation
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Figure 1. Taylor Dome record of atmospheric CO2 over the most recent glacial termination [Smith et al., 1999] and the
INTCAL [Reimer et al., 2004] reconstruction of atmospheric Δ14C. The Δ14C excursion record from the Baja margin by
Marchittoet al. [2007] occurs during the rise in deglacial atmospheric CO2 and the decline in atmospheric Δ14C.

[Toggweiler et al., 2006]. Depending on the ratio of upwelling
to downward carbon export, this could reduce the ﬂux of
metabolic CO2 to the glacial atmosphere. However, recent
estimates suggest that ventilation of CO2 through the Southern
Ocean today is roughly balanced by the uptake of CO2 by
marine primary productivity and export of carbon to the deep
ocean [Gruber et al., 2009]. For the Southern Ocean to have
played a primary role in regulating atmospheric CO2 changes
on glacial/interglacial time scales, its biological system must
have worked in tandem with dynamical changes in ocean
ventilation to reduce the net ﬂux of metabolic CO2 to the
atmosphere [Gruber et al., 2009; Sigman et al., 2010].
If Southern Ocean biological and physical processes were
responsible for glacial/interglacial CO2 variations, there
should be evidence to support this idea in proxy records
collected from the Southern Ocean. Martin [1990] ﬁrst suggested atmospheric CO2 would decrease during glacials due
to increased biological export production in the Southern
Ocean that would result from increased wind-blown iron.
The ﬂux of soluble iron to the Southern Ocean did increase
during glacials [Gaspari et al., 2006; Martínez-Garcia et al.,
2009; Wolff et al., 2006]. However, proxy data indicating
marine carbon export south of the Polar Front was not
substantially higher during the last glacial maxima when
atmospheric CO2 was at a minimum [Downes et al., 1999;
Masson-Delmotte et al., 2005], although export production

may have increased over some parts of the Southern Ocean
[Abelmann et al., 2006]. Instead, biogenic opal accumulation
rates, a proxy for export production, was highest during the
last deglaciation when atmospheric CO2 was rising [Anderson et al., 2009]. Ice core records of NH4+ and SO4+2 further
indicate there was no substantial change in marine productivity within the Southern Ocean during glacials [Wolff et al.,
2006]. In fact, ice core records show that dustiness and
transport of iron to the Southern Ocean began to decrease
~4–8 kyr before the beginning of the rise in atmospheric CO2
during the last glacial termination [Wolff et al., 2006]. Consequently, the available records do not provide clear evidence that there was major changes in the biological
sequestration of metabolic carbon in the Southern Ocean
during the last glacial. The extent to which iron affected
carbon export in the Southern Ocean and inﬂuenced atmospheric CO2 is therefore highly uncertain [Archer et al.,
2000; Boyd and Trull, 2007; Boyd et al., 2000].
Carbon cycle models that attempt to simulate a drawdown
of atmospheric CO2 via a Southern Ocean mechanism depend
signiﬁcantly on various parameterizations employed, particularly a biological response to Fe availability. Recent modeling
results suggest that Fe fertilization would have a smaller
overall inﬂuence on CO2 sequestration than early estimates
indicated [Fischer et al., 2010]. Furthermore, in experiments
using a dynamical atmosphere-ocean model coupled to an
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interactive carbon cycle model, a weakening of the westerly
winds and reduced equatorward Ekman transport during glacials lowers the concentration of dissolved carbon in surface
waters. A concomitant reduction in the upwelling of bioactive
nutrients further reduces carbon export production. Combined, these processes would produce only small decreases
in atmospheric CO2 during glacials. Model simulations of
CO2 cycling in the Southern Ocean under glacial conditions
must also simulate the net meridional transport or “residual
circulation,” which is the sum of both the Ekman transport
and the opposing eddy transport [Augustin et al., 2004;
Karsten and Marshall, 2002]. The development of realistic
simulations of these dynamical processes and obtaining validations from proxies remain an important challenge to hypotheses that call upon Southern Ocean mechanisms to
explain glacial/interglacial CO2 cycles [Fischer et al., 2010].
3. THE Δ14C RECORD AND THE TIMING
OF ATMOSPHERIC CO2 CHANGE
The record of surface ocean Δ14C change during the last
glacial termination provides an important constraint to any
hypothesis that attempts to explain glacial/interglacial
atmospheric CO2 variability via an ocean-only mechanism.
The rise in atmospheric CO2 during the last deglaciation
coincided with a long-term decrease in atmospheric radiocarbon (Δ14C) [Beck et al., 2001; Chiu et al., 2007; Fairbanks et al., 2005; Hughen et al., 2004; Muscheler et al.,
2005; Voelker, 2000] (Figure 1). The magnitude and duration
of the atmospheric Δ14C change during the last deglaciation
implies either a change in production of 14C in the atmosphere or large redistribution of carbon between the surface
ocean and a 14C-depleted reservoir. Reconstructions of surface ocean Δ14C reveal several shorter-term excursions during the past 30 kyr that were not associated with cosmogenic
isotope events, and thus, the excursions cannot be explained
by changes in the production rate of 14C [Finkel and Nishiizumi, 1997; Muscheler et al., 2005].
The largest Δ14C excursion was a 190‰ decrease between
17.5 and 14.5 kyr B.P. (Figure 1) at the beginning of the last
glacial termination. This excursion accompanied a 40 ppm
rise in atmospheric CO2 documented in ice core records from
Antarctica [Monnin et al., 2001]. Denton et al. [2006] and
Broecker and Barker [2007] referred to the interval between
17.5 and 14.5 kyr B.P. as a “Mystery Interval” (MI) because
of several widespread ocean and atmospheric changes that
coincided with the enigmatic Δ14C excursion. The MI was a
time of massive iceberg discharge into the North Atlantic
[Bond et al., 1993; Bond and Lotti, 1995; Maslin et al., 1995]
and weakened North Atlantic Deep Water overturning circulation [McManus et al., 2004]. A reduction in North Atlantic

overturning itself would not explain such a large decrease in
atmospheric Δ14C, and thus, there must be another cause.
Two recent discoveries shed additional light on the glacial
CO2 mystery and prompt us to consider a new hypothesis to
explain events during MI. First, Marchitto et al. [2007] presented evidence for a two-part excursion in the Δ14C at
intermediate water depths (705 m) within the northeastern
Paciﬁc during last glacial termination. By measuring the 14C
ages of benthic foraminiferal calcite taken from a sediment
core, these authors documented a ~200‰ drop in Δ14C from
~17 to 15 kyr B.P. and a second equivalently large negative
excursion between ~14 and 11 kyr B.P. (Figure 1). Marchitto
et al. [2007] argued that these Δ14C excursions resulted from
renewed ventilation of a deepwater mass that had been isolated from the atmosphere during the last glacial. They speculated that retreating sea ice in the Southern Ocean led to
enhanced ventilation of CO2 from the deep sea and to the
transport of a low-Δ14C signal through the ocean’s interior via
Antarctic Intermediate Water (AAIW)/Subantarctic Mode
Water (SAMW). In another study, Stott et al. [2009] reported
a much larger Δ14C excursion during the MI from a marine
core collected in the eastern tropical Paciﬁc (VM21-30, 607
m) from the Galapagos margin. In the Galapagos core, the
benthic to planktonic 14C age differences increased by more
than 6000 years during the MI (Figure 2). With no indication
of diagenesis and with several replicated 14C ages for different
benthic and planktonic species from the same samples, it
appears that this Δ14C excursion in the eastern equatorial
Paciﬁc is the same event documented by Marchitto et al. from
the Baja margin. However, the planktonic-benthic 14C age
differences at the Galapagos site are 5000 to 6000 years. If the
source of 14C-depleted carbon was a formerly isolated water
mass, it would have contained excess metabolic CO2 that
accumulated over thousands of years and therefore would
have distinctly lower 13C/12C composition as well. The metabolic CO2 would have made that water highly corrosive to
carbonate and highly depleted in dissolved oxygen. In the
VM21-30 core, there is neither evidence of increased carbonate dissolution through the deglacial section [Stott et al.,
2009], nor is there any evidence that the benthic fauna were
affected by a decrease in oxygen availability that should have
resulted from such an episode, and there is no large δ13C
anomaly in the benthic foraminifera.
Additional 14C results have now been obtained from other
intermediate depth sites, including one site located on the
southern Peru margin, which is bathed by the Subantarctic
Intermediate Water. At this site, De Pol-Holz et al. [2010]
found no anomalously old benthic foraminiferal 14C ages
during the last deglaciation. In the northeastern Paciﬁc, the
Santa Barbara Basin should record the same deglacial Δ14C
excursion as documented on the Baja margin by Marchitto
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Figure 2. The 14C ages of fossil planktonic and benthic foraminifera from core VM21-30 as depicted by Stott et al. [2009].

et al. However, in a study by Magana et al. [2010], the
benthic foraminiferal 14C ages from a core collected in the
Santa Barbara Basin are not anomalously old during the last
glacial termination. Yet in a study of a core collected at
intermediate depth in the Arabian Sea, Bryan et al. [2010]
report a deglacial Δ14C anomaly that appears to match the
Baja margin record, arguing that it is evidence of a formally
isolated deepwater mass that ventilated through the Southern
Ocean during the deglaciation. On the other hand, Rose et al.
[2010] reconstructed 14C ages of planktonic and benthic
foraminifera from two cores collected at intermediate water
depths in the southwestern Paciﬁc and Southern Ocean and
found no Δ14C excursion and hence no evidence that SAMW
core RR0503-JPC64) or AAIW (core MD97-2120) were
anomalously old during the last deglaciation. Rose et al.
suggest that perhaps the Δ14C excursion found on the Baja
margin (they do not mention the Galapagos record) is indicative of a North Paciﬁc source. But this would not be consistent with the Santa Barbara Basin or the Arabian Sea record.
4. ARE THERE OTHER SOURCES OF Δ14C-DEPLETED
CARBON IN THE OCEAN?
During the past decade, surveys of active submarine volcanic arcs in the Paciﬁc and hydrothermal vents in the

northeastern and tropical eastern Paciﬁc have documented
CO2-rich ﬂuids venting [Chivas et al., 1987; Embley et al.,
2006; Lupton et al., 2008; Lupton et al., 2006; Resing et al.,
2009] at intermediate water depths (~1000 m). Estimates of
the CO2 ﬂux at these sites are sparse, and the areal extent of
active vents that are emitting a separate CO2 gas or liquid
phase is not known. Therefore, our knowledge of how these
vent systems contribute to an overall global carbon budget is
changing as new information becomes available. Nonetheless, the initial results from the surveys that have documented
liquid CO2 or CO2-rich ﬂuids venting in the Paciﬁc appear to
greatly exceed estimates of CO2 ﬂux based on observations
at Mid Ocean Ridge (MOR) systems. Hence, submarine
vents in the Paciﬁc may represent a greater source of carbon
to the global carbon budget than previously estimated [Lupton et al., 2008; Resing et al., 2009]. For example, at just one
vent site on the Mariana Trench, Lupton et al. [2006] estimated the carbon ﬂux to be 8  108 mol CO2 yr 1, which is
about 0.1% of the global MOR carbon ﬂux. Remarkably, at
Eifuku on the Mariana system, approximately 98% of the
CO2 ﬂux is liquid CO2 droplets. Most importantly, liquid
CO2 is not only venting from these sites, it also accumulates
within the sediments on the margins of the active volcanoes
and is being stored beneath hydrate caps that regulate the ﬂux
of CO2 from the sediments.
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The total volume of CO2 that is stored in sediments blanketing the Paciﬁc trench and active seamount systems is
unknown. At present, liquid CO 2 accumulations have
only been observed at sites in the western Paciﬁc. However,
CO2-rich ﬂuids have been identiﬁed at other active vents
sites throughout the Paciﬁc. The distribution of sites where
there is liquid CO2 includes the Okinawa Trough [Inagaki et
al., 2006], the volcanoes along the Mariana and the TongaKermadec arcs [Lupton et al., 2008]. These and other occurrences of CO2-rich vent ﬂuids [Cheminée et al., 1991; Hilton
et al., 1998; McMurtry et al., 1993; Wheat et al., 2000] hint
at a potentially far greater distribution of sites that emit liquid
CO2 and CO2-rich ﬂuids. We are drawn to these recent
observations as a way to explain the enigmatic nature of the
glacial/interglacial CO2 changes summarized above, and
particularly the large Δ14C anomaly during the deglaciation,
while recognizing that hypothesis presented here will require
a more quantitative estimate of carbon ﬂuxes and CO2 storage at active vent sites.
The CO2-rich ﬂuids produced at volcanic arcs in the Paciﬁc
have δ13C values similar to that of marine carbonate [Lupton
et al., 2006]. In fact, the elevated CO2:3He and carbon isotope
chemistry indicate a slab origin for the CO2. Lupton et al.
[2006] argue that the CO2 is derived from decarbonation of
marine carbonate that is carried down the trench. As a result,
the CO2 that vents into the water column at this vent site
would have virtually no inﬂuence on the 13C/12C of dissolved
carbon in the ocean. The alkalinity of vent ﬂuids also varies
signiﬁcantly among various vent sites, and this appears to
reﬂect the stage of magmatic development [McMurtry et al.,
1993; Resing et al., 2009]. This is a critical observation
because at the Kasuga vent, for example, McMurtry et al.
[1993] report titration alkalinities that are 13 times higher
than ambient seawater. The dissolved CO2 content is estimated
to be 230 mmol kg 1 indicating ﬂuids that are highly supersaturated with CO2, principally as bicarbonate.
5. AN OCEAN CO2 CAPACITOR?
The hypothesis we set forth here calls upon expansion of
the CO2 hydrate stability horizon in the ocean during glacials
as temperatures cooled. Expansion and shoaling of the
hydrate stability horizon during glaciations would increase
the volume of sediment within which CO2 accumulated and
lowered the net ﬂux of CO2 to the water column. This
hypothesis makes two explicit but testable assumptions:
(1) sediments that blanket volcanic centers are capable of
storing large volumes of CO2 as hydrate and CO2-rich ﬂuids
and (2) present-day estimates of the steady state ﬂux of CO2
from volcanic centers is signiﬁcantly underestimated. If either of
these assumptions proves incorrect, our hypothesis is nulliﬁed.

Today, submarine volcanoes that emit a separate liquid and
gas phase of CO2 occur at shallow to intermediate water
depths. Lupton et al. [2008] point out that it is at these depths
and at the elevated temperatures that circulating ﬂuids boil
and degassing occurs. The CO2 and CO2-rich ﬂuids released
in this process vent directly into the water column or pass
through sediments blanketing the margin of volcanic centers.
Our hypothesis calls for increased storage and reduced net
ﬂux of CO2 as liquid CO2 and CO2-rich ﬂuids from sediments at volcanic centers located at intermediate depth as the
hydrate stability zone expanded vertically and horizontally
during glacial cooling (Plate 3). At the water depths where
hydrate is stable today (Plate 2), the ﬂux of CO2 from active
volcanic centers is governed by the CO2 production rate. But
the ﬂux of CO2 from the sediments through which much of
the venting ﬂuids pass also depends on the rate of diffusion
of CO2 across the hydrate-water interface and the rate of
formation and subsequent dissolution of CO2 at the bottom
and top of the hydrate layer (respectively) [Rehder et al.,
2004]. Whereas the rate of diffusion between seawater and
pure CO2 hydrate has been determined empirically [Rehder
et al., 2004], the in situ diffusional ﬂux across a sediment
hydrate has not. Boundary layer constraints will inﬂuence the
diffusion ﬂux [Rehder et al., 2004]. Furthermore, because the
formation of hydrate leads to salt rejection, high salinity,
CO2-saturated pore waters would further reduce the rate of
exchange of CO2 with the overlying seawater.
The critical depth for hydrate stability in the ocean today
occurs at 8.5°C and ~400 m (Plate 3, left). Plate 3 illustrates
the temperature (left) at ~400 m water depth [Levitus, 1994]
where in the modern ocean, the critical point of hydrateliquid-gaseous CO2 occurs and how hydrate stability would
have changed in the glacial ocean (right) in response to
cooling. Orange shading highlights the area for which CO2
hydrate becomes unstable at 400 m. Glacial subsurface temperatures were estimated by adding the averaged glacialinterglacial subsurface temperature anomalies simulated by
the CCSM3-coupled general circulation model and the
LOVECLIM Earth system model [Otto-Bliesner et al.,
2006; Timmermann et al., 2009] to the observed Levitus
temperatures at 400 m.
During the Last Glacial Maximum, most of the active
volcanic centers within the Paciﬁc would have fallen within
the hydrate stability zone (≤8.5°C, 400 m) as the 8.5°C
isotherm shoaled by more than 100 m. As a result, the overall
ﬂux of CO2 from active volcanic centers would have been
reduced due to a transition from buoyant liquid/gas CO2 to
hydrate CO2. The Mariana and the Kermadec volcanic arcs
are located in the region where the hydrate stability zone
expanded during the last glacial. There are also extensive
regions throughout the Paciﬁc, particularly in the eastern
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Paciﬁc where the hydrate stability horizon would have
shoaled by several hundred meters (Plate 3).
The deglacial warming at intermediate water depths within
the Paciﬁc would have increased the steady state ﬂux of CO2
from those parts of the ocean where liquid and hydrate CO2
accumulated during the glacial. Sea level rise during deglaciation would inﬂuence the stability horizon in the opposite
direction. However, as much of the MI CO2 rise occurred
between 18 and 15 kyr B.P., prior to the rapid sea level rise,
we assume that pressure changes due to sea level rise were
not a major inﬂuence on the hydrate stability. The release of
this volcanic CO2 would have injected carbon that was 14C
dead into intermediate waters but would not have produced a
negative δ13C excursion in DIC if the bulk of the CO2 was
from sites such as those along the Mariana [Lupton et al.,
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2006]. Such a release would therefore explain why there is
no evidence for a δ13C excursion in benthic foraminifera in
association with the deglacial Δ14C excursion [Gonﬁantini et
al., 1997]. It would, however, explain the small negative
δ13C excursion in atmospheric CO2 [Smith et al., 1999;
Spero and Lea, 2002; Stott et al., 2009]. The δ13C of atmospheric CO2 decreased from ~ 6.5‰ to 6.8‰ between 18
and 12 kyr B.P. in association with the deglacial Δ14C excursion. Taking the fractionation between atmospheric CO2dissolved CO2 in surface waters to be 8‰, the deglacial
δ13C excursion documented in the ice core and planktonic
foraminifera in the tropical ocean implies the CO2 added to
the ocean/atmosphere system had a δ13C composition close
to 1‰, the same as the CO2 venting today from submarine
volcanoes in the Paciﬁc [Lupton et al., 2006].

Figure 3. Surface ocean Δ14C (solid circles) from Cariaco Basin [Hughen et al., 2006] compared to planktonic (open
circles) and benthic Δ14C estimates (diamonds) for the western tropical Paciﬁc core MD98-2181 [Broecker et al., 2004;
Stott et al., 2007]. Planktonic Δ14C values from MD9821081 track the surface ocean record, including the marked decline
during the Mystery Interval. However, benthic Δ14C values (open circles) at 2.1 km in the western tropical Paciﬁc do not
exhibit the large 190‰ excursion between 17.5 and 14 kyr B.P. Linear regressions through the surface and deepwater
values are forced through approximate modern values for surface waters in the tropical Atlantic and Paciﬁc Deep waters at
2.1 km in the western Paciﬁc [Key et al., 2004]. Calendar ages for MD98-2181 were obtained with the CALIB-4 program
(M. Stuiver et al., CALIB Radiocarbon Calibration, 2005, http://calib.qub.ac.uk/calib). Error bars for MD98-2181
planktonic Δ14C are the standard deviation of Δ14C estimates based on the 1σ calendar age ranges.
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Our hypothesis requires a signiﬁcant increase in CO2
storage (and reduced CO2 ﬂuxes) during glacials and a
production rate of CO2 sufﬁcient to replenish the CO2 released during deglaciations. This requirement has an important implication for current estimates of volcanic-derived
CO2 in the global carbon cycle budget. If correct, this hypothesis requires an upward adjustment in the relative contribution of CO2 from submarine volcanism [Lupton et al.,
2006]. We use a one-dimensional, three-box carbon cycle
box model to estimate the amount of CO2 required to explain
a 50 ppm rise in atmospheric CO2 over 5 kyr during the MI.
The box model simulates exchange of carbon between the
atmosphere and the shallow, intermediate, and deep ocean
reservoirs [Tyrell et al., 2007]. This model simulates a release
of carbon directly to the atmosphere and subsequent equilibration with the entire ocean. The model simulates a scenario
similar to that which we propose in which carbon is released
from shallow to intermediate depths (<1000 m) and ventilates more or less directly to the atmosphere. The model does
not simulate carbon exchange with terrestrial reservoirs and
parameterizes carbon, phosphorous, and alkalinity ﬂuxes.
For our simulation, we hold phosphorous and alkalinity
ﬂuxes constant and impose a transient ﬂux of carbon over
5000 years.
Between 19 and 14 kyr B.P., the concentration of atmospheric CO2 increased by approximately 50 ppm. In the box
model, a transient 50 ppm increase in atmospheric CO2 over
5000 years requires a release of 600 Gt of carbon to the
atmosphere. As the carbon enters the atmosphere, CO2 reequilibrates with the ocean, a process that takes several
thousand years. The transient release of 600 Gt of C to the
atmosphere increases atmospheric pCO2 by 45–50 ppm for
roughly 7–10 kyr B.P., the length of an entire interglacial,
and then gradually decays back to lower concentrations as
the CO2 equilibrates with the deep ocean reservoir. The 600
Gt of carbon would be equivalent to ~2200 Gt of CO2.
The box model simulates a rise in atmospheric CO2 that is
consistent with ice core records. However, 600 Gt of 14C-free
carbon released to the atmosphere would not shift Δ14C of
carbon throughout the deep ocean by 190‰ [Broecker,
2009a]. In order to shift the deep ocean reservoir of carbon
by 190‰ along with the atmosphere and surface ocean
would require nearly 5000 Gt of 14C-free carbon. On the
other hand, there are not many well-calibrated, high-resolution
Δ14C records for the deep ocean that span the MI. Hence, we
do not know if the entire deep ocean carbon reservoir also
decreased by 190‰ between 17.5 and 14 kyr. Taking
planktonic and benthic foraminiferal 14C ages from sediment
core MD9821-81, (6°N, 126°E, 2.1 km water) as estimators
of surface and deepwater Δ14C values through the last glacial
termination suggests the 190‰ decline between 18 and

14 kyr B.P. was not recorded in Paciﬁc Deep Water (Figure 3). The benthic Δ14C record from MD9821-81 implies
14
C-depleted carbon entering the surface ocean during the
MI was highly diluted by the time it mixed with Paciﬁc Deep
Water. A mass balance that does not take into account the
differences in Δ14C between surface and deep water during
the MI would greatly overestimate the amount of carbon that
entered the ocean. Thus far, a Δ14C excursion during the MI
has only been documented in surface ocean records and from
benthic foraminifera that inhabited water depths between
~500 and 700 m. We therefore conclude that the amount of
14
C-dead carbon released during the MI was substantially
less than 5000 Gt if it was released from shallow water
depths and entered the atmosphere before equilibrating with
the entire deep ocean.
A transient release of CO2 to the atmosphere during the
MI as we hypothesize would have caused a simultaneous
adjustment in the carbonate ion concentration of surface
waters. We have constructed a preliminary Li/Ca record
through the MI from two planktonic foraminifer species
taken from the Galapagos core VM21-30, Globigerinoides

Figure 4. (top) Δ14C for benthic foraminifera from Baja margin
core MC19/GC31/PC08 [Marchitto et al., 2007] and (bottom) Li/Ca
for two species of planktonic foraminifera, Globigerinoides ruber,
and Neoglobquadrina dutertrei from Galapagos margin core VM2130 (K. Harazin and L. Stott, manuscript in preparation, 2011). Error
bars on Li/Ca are standard deviations of replicate measurements of a
sample.
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ruber and Neogloboquadrina dutertrei, (a mixed layer and
thermocline dweller, respectively). There is a marked decrease in Li/Ca of both species during the MI that is consistent with lower carbonate ion concentrations (Figure 4).
A precise transfer function for ΔLi/Ca to [CO3=] is complicated by temperature changes that would have occurred
during deglaciation [Hall and Chan, 2004; Lear and Rosenthal, 2006]. Nonetheless, the two lowest Li/Ca values
for G. ruber correspond in timing with excursions in Δ14C
documented by Marchittoet al. [2007] (Figure 4). The magnitude of Li/Ca change is also larger than could be accounted for by temperature change alone [Marriott et al.,
2004], particularly at the VM21-30 site where the glacial to
interglacial SST change was only on the order of 1.5°C
[Koutavas and Sachs, 2008]. In fact, virtually all of the
glacial to interglacial SST warming at this location occurred
after the decrease in Li/Ca (Figure 5). We therefore interpret
the decrease in Li/Ca at this location to a decrease in [CO3=]
during the MI in response to a release of CO2 to the atmosphere and subsequent equilibration with the ocean.
6. STORAGE AND PRODUCTION OF CO2
DURING GLACIATIONS
The density of liquid CO2 at intermediate water depths
(~1200–500 m) is close to that of seawater. Hence, approximately 2200 km3 of storage space is required to accommo-

Figure 5. Li/Ca (μmol mol 1) of G. ruber from VM21-30 (open
diamonds) and the UK’37-based SST reconstruction for VM21-30
by Koutavas and Sachs [2008] (solid diamonds).
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date the accumulation of excess volcanogenic CO2 during
glaciations. The only reservoir where CO2 and CO2-rich
ﬂuids could be stored is in sediments that accumulate on
ﬂanks of volcanic centers. Typically, these sediments have
porosities between 50% and 80% [Dadey and Klaus, 1992],
which implies a needed storage capacity of ~3000–5000 km3.
The thickest deposits of volcaniclastic sediments today are
in waters deeper than 1000 m where hydrate would have
remained stable on glacial/interglacial time scales. On the
other hand, liquid CO2 and CO2-rich ﬂuids are mobile and
can migrate upward from deeper horizons through hydrothermal conduits [Fisher and Wheat, 2010]. The removal of a
hydrate cap at shallower depths during deglaciation would
open up additional conduits for upward migration CO2-rich
ﬂuids. The volume of sediment required to accommodate
2200 Gt of CO2 storage during glaciations may therefore
include sediments at deeper water depths. Further modeling
of thermodynamic constraints on subsurface ﬂow and the
storage capacity are also required to better constrain this
aspect of the hypothesis.
In addition to the large storage volume required by this
hypothesis, the production rate of CO2 at subducting margins
must also accommodate the amount of CO2 stored and released on the 100 kyr glacial/interglacial timescale. This
calculation implies a production of ~2400 Gt of excess CO2
during a 100 kyr glacial cycle. Taking average spreading
rates and average carbonate content on subducting slabs
provides an approximate estimate of the CO2 production
potential. Using this approach does not negate this hypothesis. However, the production rate of CO2 emitted at subducting margins is not necessarily in steady state on geologic
time scales. Indeed, there are several lines of evidence indicating that CO2 production at submarine arcs is not a steady
state function of the long-term spreading rates [Leeman and
Davidson, 2005; Nkrintra Singhrattna et al., 2005; Resing et
al., 2009; Smith and Price, 2006]. Resing et al. [2009] point
out that there is a wide range of CO2 ﬂuxes between active
arcs in the western Paciﬁc, and the large diversity of CO2
ﬂuxes reﬂects a diverse history of magmatic development
and subsequent arc aging. These authors proposed a simple
model for magmatic development and evolution that would
account for a wide range of CO2 ﬂuxes over Earth’s recent
geologic past that involves progressive magmatic development, followed by aging and geochemical evolution. Over
time, the distance between the magmatic source and the
surface of the arc volcano increases. During this aging process, acid is ultimately consumed, and the circulating ﬂuids
become increasingly enriched in CO2. As the magmatism
evolves further, the distance between the magmatic source
and the volcano’s surface becomes larger, and all of the magmatic SO2 is consumed, causing pH to rise. The subsequent
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weathering reactions produce ﬂuids that are further elevated
in both alkalinity and CO2. We surmise it is this CO2 production cycle that is the key to understanding variable ﬂuxes
of CO2-rich ﬂuids during the late Pleistocene along the arc
margins.
7. A MECHANISM FOR CO2 RELEASE
DURING DEGLACIATION
The onset of the warming in the Southern Ocean during
glacial terminations preceded the initial rise in atmospheric
CO2 [Blunier et al., 1998; Stott et al., 2007] (although the
precise lead-lag timing is not yet established) and coincided
with a substantial increase in austral spring insolation [Stott
et al., 2007; Timmermann et al., 2009] (Plate 4) or the related
length of the austral summer season [Huybers, 2009]. The
spring season forcing arises from changes of Earth’s orbital
precession. Between 19 and 10 austral spring shortwave
radiation rose by ~40 m 2, which led to a decrease of sea
ice extent and an increase of temperatures in the Southern
Ocean and Antarctica [Timmermann et al., 2009] (Plate 4).
Deep Paciﬁc temperatures warmed by ~2°C between 19 and
17 kyr B.P. [Stott et al., 2007]. Warmer water was injected
into the formation zones of SAMW and AIWs, leading to an
overall warming of the Paciﬁc and Atlantic oceans at depths
between several hundred meters to more than 1500 m [Herguera et al., 1991; Lynch-Stieglitz and Fairbanks, 1994;
Mashiotta et al., 1999; Matsumoto and Lynch-Stieglitz,
1999; Stott et al., 2007]. Here we argue that this warming
triggered release of radiocarbon-dead CO2, further accelerating deglacial warming. As deglaciation progressed, sea
surface temperatures in the northwestern Paciﬁc varied in
concert with climatic changes in the North Atlantic region,
and this inﬂuenced thermal properties of mode water and
deep water in the North Paciﬁc [Okazaki et al., 2010]. The
phasing of south to north warming during the deglaciation
may have inﬂuenced subsequent warming and a further
release of CO2 that would account for the millennial-scale
oscillations observed in oceanic and atmospheric radiocarbon during termination I [Broecker, 2009b; Hughen et al.,
2006; Marchitto et al., 2007].
8. SUMMARY
Our hypothesis does not necessarily account for the entire
glacial/interglacial CO2 change. However, it would reconcile
the lack of evidence for an isolated deepwater mass during
glacials that is otherwise required to explain the large Δ14C
excursion during the last deglaciation. It would also explain
why atmospheric CO2 began to rise very soon after the
Southern Ocean began to warm. The time required to prop-

agate a surface warming in the Southern Ocean through the
Paciﬁc to sites where hydrate occurs determines the relative
phasing of high-latitude temperature change and the rise of
atmospheric CO2. The deepwater temperature changes in the
Paciﬁc during glacial/interglacial cycles were large enough
to have shifted the hydrate stability zone up and down by as
much as several hundred meters and thereby affected the
areal extent of CO2 hydrate stability.
A comprehensive test of our CO2 hypothesis requires a
more thorough assessment of the present-day CO2 ﬂux at
sites of active magmatism and the extent of liquid and
hydrate CO2 accumulations. There is also need to trace the
ﬂow of 14C-depleted waters during the last deglaciation to
determine where it was ventilated to the atmosphere. In the
meantime, the hypothesis presented here offers an important
opportunity to reexamine that causes of glacial/interglacial
CO2 variations and the sequence of events that punctuated
the last deglaciation.
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